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SUMMARY
In its early evolution, the Earth mantle likely experienced several episodes of complete melting
enhanced by giant impact heating, short-lived radionuclides heating and viscous dissipation
during the metal/silicate separation. After a first stage of rapid and significant crystallization
(Magma Ocean stage), the mantle cooling is slowed down due to the rheological transition,
which occurs at a critical melt fraction of 40–50%. This transition first occurs in the lowermost
mantle, before the mushy zone migrates toward the Earth’s surface with further mantle cooling.
Thick thermal boundary layers form above and below this reservoir. We have developed
numerical models to monitor the thermal evolution of a cooling and crystallizing deep mushy
mantle. For this purpose, we use a 1-D approach in spherical geometry accounting for turbulent
convective heat transfer and integrating recent and solid experimental constraints from mineral
physics. Our results show that the last stages of the mushy mantle solidification occur in two
separate mantle layers. The lifetime and depth of each layer are strongly dependent on the
considered viscosity model and in particular on the viscosity contrast between the solid upper
and lower mantle. In any case, the full solidification should occur at the Hadean–Eoarchean
boundary 500–800 Myr after Earth’s formation. The persistence of molten reservoirs during
the Hadean may favor the absence of early reliefs at that time and maintain isolation of the
early crust from the underlying mantle dynamics.
Key words: Numerical modelling; Heat flow; Rheology: Mantle; Dynamics: convection
currents, and mantle plumes; Heat generation and transport.

1 . I N T RO D U C T I O N
After the giant impact which led to the formation of the Earth–
Moon system, the Earth’s mantle was likely completely molten
(e.g. Nakajima & Stevenson 2015). During the subsequent Magma
Ocean (MO) stage, the Earth’s early mantle undergone a rapid
global cooling until its melt fraction decrease to a critical value ϕ c
(≈40%) associated with a major increase of its viscosity (Solomatov
2007; Monteux et al. 2016). This step was followed by a slow
cooling stage that triggered a complete crystallization of the silicate
mantle (Solomatov 2007). This second cooling stage could have
lasted hundreds of Ma, or even a couple of Ga as its dynamics was
governed by the rheology of the slowly deforming solid-like mantle,
in contrast to the first one which was driven by the magma viscosity
(Solomatov 2007; Ulvrová et al. 2012; Monteux et al. 2016).
Recent experimental results have shown that the upper mantle solidus is at lower temperature than previously expected for a
chondritic composition (Andrault et al. 2018). According to this
study, such a solidus associated with a hotter earlier mantle would
enable the presence of a deep and persistent molten layer in the

C

Archean mantle. The progressive solidification of this melt layer
could have enhanced the mechanical coupling between the lithosphere and the asthenosphere. Such a change might explain the
transition from surface dynamics dominated by a stagnant lid to
modern plate tectonics with deep-slab subductions. Assuming that
the intersect between the mantle solidus and an adiabat temperature profile with a potential surface temperature corresponding to a
surface melt fraction of ϕ c ≈ 40% could constrain the depth of the
bottom of the remaining partially molten layer, Solomatov ( 2007)
obtained a depth ≈300 km. In the case of bottom-up solidification
of a mushy mantle, the depth of the last remaining partially molten
layer should, hence, be smaller than 300 km and the full mantle
crystallization should occur within ≈1 Ga (Sleep et al. 2014).
The depth at which the full crystallization is reached is likely governed by (1) the solidus temperature which controls the depth and
temperature of solidification, (2) the thickness of the top thermal
boundary layer (TBL), where heat convecting from the deep mantle
is transferred to the surface by conduction and (3) the temperature
contrast on both sides of the TBL which controls the efficiency
of heat evacuation. In the mushy regime, the mantle viscosity is a
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1166

J. Monteux et al.

2. MODEL
We considered the cooling of a partially molten magma ocean with
an initial depth of 2900 km, which we modelled using a thermal
evolution described below.

2.1.1 Heat transfer model
We used a 1-D spherical approach (e.g. Abe 1997; Laneuville et al.
2018) accounting for turbulent convective heat transfer (e.g. Abe
1997; Monteux et al. 2016; Bower et al. 2018). This approach is
relevant for the ranges of low viscosities and high Rayleigh numbers expected within a partially molten planetary mantle which are
difficult to numerically resolve in 2-D and 3-D spatial domains.
Indeed, even if Ra numbers are lower during the mushy stage than
during the magma ocean stage, Ra numbers are still too high (up
to 1030 ) to correctly solve the TBLs in such a dynamic reservoir.
Moreover, molten reservoirs may survive during the early thermal
evolution of the mushy mantle. In these regions, the melt fraction
can reach values larger than 40% with very low associated viscosity
of the mushy material, making the local Rayleigh number too high
for 2-D or 3-D computational domains.
Our numerical model solves the following heat equation:
(1)

(2)

with kv the effective conductivity relative to thermal convection of
the mushy material is:
kv =

Fconv L
,
T

Ra =

αgC p ρ 2 T L 3
,
kc η

(5)

where α is the thermal expansion coefficient of the mushy material,
g is the gravitational acceleration assumed to be constant through
the whole mantle and η is the local dynamic viscosity. In eq. (5),
kc is constant, Cp is a function of the melt fraction, α and ρ vary
with depth and melt fraction. η varies with depth, temperature and
melt fraction. T is the thermal driving force for the convection,
therefore the temperature difference between the surface and the
core–mantle boundary (CMB) minored by the increase of temperature along the mantle adiabat. Mantle dynamics and cooling is also
governed by the Prandtl number, Pr:
Pr =

ηC p
,
kc

(6)

(1) a soft turbulent regime where the corresponding convective
heat flux is (Solomatov 2007; Monteux et al. 2016):
Fconv =

0.089kc T Ra 1/3
if Ra < 108 Pr 5/3 ;
L

(7a)

(2) and a hard turbulent regime (following Solomatov 2007;
Monteux et al. 2016) where:
Fconv =

0.22kc T Ra 2/7 Pr −1/7
if Ra > 108 Pr 5/3 .
L

(7b)

In our numerical model, we compare the temperature gradient
to the adiabatic gradient. If the temperature gradient is larger, kv is
calculated according to eq. (3). If the temperature gradient is lower,
k = kc .
2.1.2 Boundary and initial conditions

where ρ is the density, Cp is the heat capacity, T is the temperature and H is the heat production from radiogenic sources. k is an
‘effective’ conductivity defined as:
k = kc + kv ,

When the temperature gradient is subadiabatic, the mantle heat is
transported only by conduction, and k = kc . When the temperature
gradient is superadiabatic, the mantle is convecting. The convective
heat flux Fconv depends on the local Rayleigh number Ra:

which is the ratio of the momentum diffusivity over the thermal
diffusivity. Pr is calculated at each depth using the local viscosity
value η. Depending on the values of Pr and Ra, two flow regimes
arise and as a consequence two convective heat fluxes:

2.1 Thermal evolution model

∂T
= ∇. (k∇T ) + ρ H,
ρC p
∂t

For mantle convection to occur, the temperature gradient must be
larger than the adiabatic gradient:


dT
−αgT
=
.
(4)
dr S
Cp

(3)

Fconv is the convective heat flux accounting for thermal buoyancy,
L is the thickness of the Earth’s mantle and kc the intrinsic thermal
conductivity of the material (kc = 5 W.m−1 .K−1 ).

The large impacts, radiogenic heating and the energy dissipated
during metal-silicate separation control the early thermal state of
the core. The core temperature at the end of the magma ocean stage
is governed by the heat accumulated in this reservoir during its
formation but also by the efficiency of the magma ocean to retain
heat within the core by forming thick TBLs (Monteux et al. 2016).
The core heat flow at the CMB can be expressed as:


mantle
kc T core − TCMB
,
(8)
Fcore =
δTBL,bot
where T core is the average core temperature just below the CMB
mantle
is the
(i.e. here, a TBL within the core is not considered) and TCMB
mantle temperature above the CMB. δTBL,bot is the thickness of the
TBL at the bottom of the mantle where the heat is extracted from the
mantle
is calculated form eq. (1) whereas Tcore
core by conduction. TCMB
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key parameter, which governs mantle dynamics and the formation
of TBLs. This day viscosity of the Earth’s mantle is difficult to
constrain, particularly in the lower mantle (Čı́žková et al. 2012),
and the value of the viscosity of the Earth’s early mantle prior to
the occurrence of major differentiation events is even more hypothetical. Constraining the value of this physical quantity is of first
importance, since deep mantle viscosity likely governs the initiation of major geological features, such as plate tectonics and mantle
plumes (Sleep 2014; Foley et al. 2014).
We have developed a numerical model to monitor the cooling, and
crystallization of an isochemical mantle, starting from a partially
molten stage. We aim to characterize the influence of the viscosity
of the solid early mantle on its cooling dynamics. In particular, we
tested the impact of variation in activation energy and the viscosity
prefactor, as well as monitored the cooling and crystallization processes to determine the solidification timescales and the depths at
which the last melt fraction solidifies.

A mushy Earth’s mantle
is obtained by the integration of the following differential equation:
core

all the models presented here, the TBL thickness has a thickness
larger than 10 km, therefore given our 1-km grid spacing, at least
10 gridpoints are used to identify and characterize the heat transfer
in the TBL.

2.2 Geochemical model and derived parameters
Despite the difficulty to characterize the chemical composition of
the Earth’s early mantle, a consensus has emerged that Earth’s mantle should be of chondritic composition (e.g. Mc Donough & Sun
1995; Javoy et al. 2010; Palme & O’Neill 2014). Still, chondrites
present a large diversity in major, minor and trace element compositions. According to several isotopic tracers, Earth has accreted from
a large majority of building blocks typical of high-enstatite chondrites (EH, Javoy et al. 2010). Then, late-accretion processes and
core–mantle differentiation (Rubie et al. 2011) have induced a drift
of the bulk mantle composition to an MgO-enriched composition,
compared to EH (e.g. Mc Donough & Sun 1995; Palme & O’Neill
2014). In the following section, we detail our chemical model for
the mushy mantle following the magma ocean stage.

2.2.1 Radiogenic heating
2.1.3 TBLs parametrization
Monteux et al. (2016) showed that the initial core heat can only be
efficiently retained within the core when the bottom TBL thickness
(δTBL,bot ) is larger than ≈100 m. For δTBL,bot <100 m the thermal coupling between the core and the MO is important and the core’s heat
is efficiently transferred to the mantle during the short timescales
of the MO cooling. For δTBL,bot <1 m, the core rapidly cools down
to ≈4400 K, which corresponds to the core-mantle boundary temperature at a critical melt fraction ϕ = ϕ crit . Actually, the thicknesses
of both the bottom and top TBL are governed by the cooling dynamics of the mantle (Solomatov 1995). The formation of a TBL
is induced by the velocity field decrease close to the boundary. In
1-D models, the TBL cannot form numerically by themselves because the velocity field is not calculated and, hence, it has to be
parametrized. Moreover, as we consider a compressible fluid with
properties changing with depth, the top and bottom TBL do not have
the same thicknesses. In our models, we consider that the thermal
boundary thickness scale as (Grott & Breuer 2008):


Racrit 1/3
,
(10)
δTBL = L
Ra
with Racrit = 450 (Choblet & Sotin 2000) and Ra is the Rayleigh
number value calculated using eq. (5) and the characteristic parameters corresponding to either the top or the bottom of the magma
ocean, for upper and lower TBL, respectively. It results in a TBL
thicker at the top of the mantle, than at the bottom of the mantle.
Strictly, the value of Racrit should be different when considering
the upper or lower TBL (Thiriet et al. 2019). The value of 450 is
adapted for the upper mantle. For the lower mantle, it should be expressed as a function of the internal Rayleigh number (Deschamps
& Sotin 2000). We have implemented such a parametrization in our
models. Our numerical tests (not shown here) show that the bottom
TBL thickness derived from Deschamps & Sotin (2000) leads to
a decrease of the bottom TBL thickness, but does not change significantly the solidification depth and time scales. Hence, we used
Racrit = 450 for both top and bottom TBL calculations. Within the
TBLs, the heat is transferred by conduction and, again, k = kc . In

Short timescales inferred for the duration of the magma ocean stage
appear comparable to the timescales for the decay of short-lived
radionuclides such as 26 Al. However, large bodies such as the protoEarth, or the Theia Earth’s impactor, appeared only much later,
from the accretion of pre-differentiated planetesimals. Therefore,
only the long-lived radiogenic elements, such as 238 U, 235 U, 232 Th
and 40 K can provide heat at the long time scale corresponding to
the cooling of the mushy mantle. In our models, we consider the
radiogenic heating from these radionuclides in eq. (1) assuming that
the abundance of these elements in the primitive mantle is similar
to the concentration in EH-chondrites (Javoy 1999). The radiogenic
heat production rate is computed as:
H =

Ai [i] Hi exp (−λi (t − t0 )) ,

(11)

where the meaning of Ai , E i , Hi , λi is detailed in Table 1.

2.2.2 Solidus and liquidus temperatures
The chemical composition of the mantle governs its melting properties, based on its solidus and liquidus profiles. The latter plays a major role in the early thermal evolution of the magma ocean, because it
defines the temperature and the depth at which crystallization starts.
Laboratory experiments have constrained the liquidus and solidus
of mantle-like material up to pressures compatible with the CMB
conditions (Fiquet et al. 2010; Andrault et al. 2011). We performed
calculations using the melting curves derived from chondritic-type
mantle composition from Andrault et al. (2011, Fig. 1). The experimental solidus and liquidus profiles are fitted with a modified Simon
and Glatzel equation (Simon & Glatzel 1929). For pressures P below 24 GPa, we use solidus and liquidus temperatures of chondritic
mantle reported from Andrault et al. (2018):

(1/6.94)
P
+
1
,
(12a)
Tsol = 1373.
0.82 × 109

Tliq = 1983.4

(1/5.35)
P
+
1
.
6.48 × 109

(12b)
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dT
= Score Fcore ,
(9)
dt
where Vcore is the core volume, Score is the core surface, ρ Fe is the
core density, C p,Fe is the core heat capacity. This formulation does
not consider the increase in adiabatic temperature within the core
but allows following the evolution of core temperature right below
the CMB as a function of time, based on the CMB heat flux. The
error associated with this simplification (which in the case of an
Earth-like body would amount to less than 10%) is small compared
to uncertainties in other model parameters.
The efficiency of mantle cooling also depends on the heat transfer
at the surface. During the magma ocean cooling, heat is efficiently
radiated toward space, but the formation of a primitive atmosphere
may significantly slow down the cooling. With a primitive atmosphere composed of 300 bars H2 O and 100 bars CO2 overlaying
the magma ocean, Lebrun et al. (2013) estimated that the surface
temperature remains constant throughout the entire duration of the
mushy stage at Tsurf ≈ 500 K. Sleep et al. (2014) also showed that
the surface temperature during the mushy stage was maintained
at ≈500 K for 1000 bars and 100 bars atmospheres in equilibrium
with bulk silicated magmas.
Vcore ρFe C p,Fe
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Table 1. Radiogenic heat sources and characteristics (from Javoy 1999).
Isotope/element

238 U
235 U

Half-life
(λi ) (yr)

Heat production
per unit mass of
isotope
(Hi ) (W kg−1 )

Natural
Abundance
(Ai ) (%)

4.46 × 109
7.04 × 108

9.17 × 10−5
5.75 × 10−4

99.28
0.72

1.4 × 1011

2.56 × 10−5

100

1.26 × 109

2.97 × 10−5

0.0117

U
232 Th

Th

0.20
0.069

K

270

Thomas et al. 2012; Thomas & Asimow 2013). Here we assume a
multicomponent system with a chondritic-type composition (62%
enstatite + 24% forsterite + 8% fayalite + 4% anorthite + 2% diopside). Using fourth-order Birch-Murnaghan/Mie-Grüneisen equation of state fits for molten silicate liquids from Thomas & Asimow
(2013), we obtain the melt density ρ m , the volumetric thermal expansion α as a function of pressure as well as the specific heat Cp of
the molten material for a chondritic multicomponent assemblage.
The density of the solid phase is then calculated as:
ρs = ρm + ρ,

Figure 1. Solidus (green) and liquidus (red) (computed from eq. 12) as a
function of the Earth’s radius. Black solid lines show adiabatic temperature
profiles (computed from eqs 4 and 18) with three different potential temperatures (1600, 1750 and 2000 K). Note that these three temperature profiles
are arbitrary and do not result from our numerical model. The blue dashed
line separates the upper and lower mantle. The dashed lines correspond to
the hypothetic conductive temperature profiles in the top thermal boundary
layer (i.e. recalculated at each step of our modelling procedure). The two
ellipsoids illustrate critical points where deep and shallow last molten layers
should solidify (SML, shallow mantle layer and DML, deep mantle layer).

For pressures larger than P = 24 GPa, we use results from Andrault et al. (2011):

(1/2.41)
P
Tsol = 1334.5
+
1
,
(12c)
9.63 × 109

Tliq = 1862.

(1/2.15)
P
+
1
.
21.15 × 109

(12d)

Mantle solidification may induce some chemical fractionation.
In such case, the melting curves may evolve (Andrault et al. 2017).
Major changes concern the liquidus temperature, which increases
with the MgSiO3 -content in the mantle. On the other hand, the mantle’s solidus is almost independent of composition. These effects are
not accounted in our study, because there is an insufficient knowledge on melting properties as a function of pressure, temperature
and mantle composition.
2.2.3 Thermodynamic parameters
Thermodynamic parameters of the magma ocean depend of its
chemical composition. Volumetric and elastic parameters of silicate
liquids have been characterized up to a pressure of 140 GPa using
shock compression experiments (Mosenfelder et al. 2007, 2009;

(13)

with ρ being the density difference between solid and liquid
phases which is fixed to 64 kg m−3 (Monteux et al. 2016).
For a partially molten material, the density ρ  , the coefficient of
volumetric thermal expansion α  and the specific heat C p are given
as follows (Solomatov 2007):
1−ϕ
ϕ
1
=
+
,
ρ
ρs
ρm
α = α +

(14)



ρ
,
ρ Tliq − Tsol

(15)

H
,
Tliq − Tsol

(16)

C p = C p +

where H is the latent heat released during solidification, and ϕ is
the melt fraction:
T − Tsol
.
(17)
ϕ=
Tliq − Tsol
2.2.4 Adiabats
In vigorously convecting systems such as magma oceans, the temperature distribution is nearly adiabatic (Solomatov 2007). For onephase systems, such as a completely molten or a completely solid
layer, eq. (4) gives the equation for an adiabat. In two-phase systems
(liquid + solid), the effects of phase changes need to be considered
(Solomatov 2007). The equation for such adiabat follows:


−α  gT
dT
=
.
(18)
dr S
C p
This results in an increase of the adiabat gradient at depth where
the two phases coexist, compared to the purely liquid or solid onephase adiabats (Solomatov 2007). Fig. 1 compares three adiabatic
temperature profiles and the melting curves used in our study. The
adiabatic temperature profiles are calculated by numerical integration of eqs (4) and (18) using a fourth-order Runge–Kutta method
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40 K

Present-day
concentrations
([i]) (ppm wt.)

A mushy Earth’s mantle
(Press et al. 1993). These adiabatic temperature profiles are used to
calculate at each depth, and when it is super-adiabatic, the temperature difference T from eq. (5).
2.2.5 Assumptions

2.3 Viscosity model
Viscosity governs mantle cooling dynamics, which is strongly dependent on the melt fraction ϕ. In our study we consider that ϕ
is a linear function of the temperature difference between the liquidus and the solidus (eq. 17). In the following section, we detail
the parametrization used to compute the viscosity in our numerical
models.
2.3.1 Liquid fraction viscosity (ϕ = 1)
During the cooling of a mushy mantle, the melt fraction globally decreases; however, locally, mantle layers may remain largely molten
for a long period of time. Therefore, a mushy mantle may locally
be extremely turbulent because of the low viscosity of the molten
mantle material (Cochain et al. 2017). For the fully molten mantle
(i.e. when ϕ = 1), we consider that its viscosity is equal to the
viscosity reported for liquid MgSiO3 (Karki & Stixrude 2010):

η = ηl = exp −7.75 + 0.005P(GPa) − 0.00015P(GPa)2

5000 + 135P(GPa) + 0.23P(GPa)2
.
(19a)
+
T − 1000
2.3.2 Solid fraction viscosity (ϕ = 0)
The viscosity of the solid fraction within the early Earth’s deep
mantle is a key parameter, which governs its cooling efficiency
during the mushy stage. However, such a quantity is poorly constrained for a chondritic mantle. Instead, the viscosity of a deep
‘bridgmanite-bearing’ mantle has become increasingly documented
(e.g. Boioli et al. 2017; Reali et al. 2019). Due to the absence of
seismic anisotropy in the current lower mantle, diffusion creep was
generally considered to be the dominant deformation mechanism at
these depths (e.g. Karato & Li 1992), however, recent results advocate for diffusion-driven pure dislocation climb creep as a main

deformation mechanism for bridgmanite (e.g. Boioli et al. 2017;
Reali et al. 2019). During the early Earth’s history, the mantle temperatures were hotter, and ionic diffusion (thus diffusion creep) is
expected to have been even more important in the solid mantle fraction (e.g. Frost & Ashby 1982) for both upper and lower mantle.
Therefore, we assume here that the deformation of the interconnected solid phase occurs via diffusion creep only. We neglect the
possible effect of polymineralic aggregates as one phase is expected
to be volumetrically abundant (olivine or bridgmanite in the upper
or lower mantle, respectively, see Ji et al. 2001; Huet et al. 2014).
Hence for ϕ = 0:


1
E diff + P Vdiff
,
(19b)
exp
η = ηs =
Adiff
RT
with P the pressure, R the gas constant (= 8.314 J K−1 mol−1 ) and
T the absolute temperature. Adiff is the viscosity pre-factor, which
includes grain-size sensitivity. Here the grain size is kept constant,
as well as the grain size exponent (i.e. equals to 3). Ediff is the
activation energy, and Vdiff is the activation volume for diffusion
creep.
In addition, we considered Ediff , Vdiff and Adiff values based on
two requirements: (1) the values of the rheological parameters must
be compatible with those derived from experiments (e.g. Hirth &
Kohlstedt 2003 for dry olivine/upper mantle, and Xu et al. 2011 for
the bridgmanite/lower mantle), (2) the calculated viscosity profile
corresponding to a realistic present-day Earth mantle geotherm [for
an adiabatic temperature profile with Tp = 1600 K (Tackley 2012)
and references therein] and a PREM pressure profile in eq. (19b),
must be compatible with viscosity profiles constrained by geoid
and postglacial rebound [see Čı́žková et al. (2012) and references
therein, Fig. 2 and Table 2].
In our calculations, we also investigate the potential role of the
upper mantle, which presents a different mineralogy and, therefore,
distinct rheological properties. For the sake of simplicity, we did not
implement a transition zone (composed of wadsleyite (410–520 km)
and ringwoodite (520–660 km). The mineralogical transition from
olivine to bridgmanite significantly increases the viscosity of the
mantle, which in turn could affect the ability of the mantle to lose
its primordial heat. The rheological parameters for the upper mantle
(whenever considered) are listed in Table 2.

2.3.2 Viscosity of the partially molten mantle (0≤ϕ≤1)
During the solidification of the mushy mantle, the fraction of solid
material increases until reaching a threshold (ϕ = ϕcrit ), which
separates the turbulent regime from viscous regime (Solomatov
2015). For ϕ crit <ϕ<1, the viscosity of the highly molten material
scales with the viscosity of the molten mantle ηl (Roscoe 1952):
ηl
η = 

2.5 .
1−ϕ
1 − 1−ϕ
crit

(19c)

As soon as the melt fraction threshold is reached at any mantle
depth, the cooling efficiency of the primitive mantle significantly
reduces, even if the mantle remains partially molten at other depths
(Monteux et al. 2016). In a mushy mantle context where most of
the material is solid, the viscosity is still strongly influenced by
the fraction of the molten material ϕ. For 0<ϕ< ϕ crit the partially
molten viscosity scales with the solid mantle viscosity ηs :
η = ηs exp (−αn ϕ) ,

(19d)
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During the solidification of the early mantle (i.e. the magma ocean
and mushy mantle stages) chemical fractionation may occur between compatible and incompatible elements that partition preferentially into solid and liquid phases, respectively. Initially, the
bridgmanite grains are denser than the liquid and they could fall
toward the core–mantle boundary. Then, after a significant fraction of the MO is crystallized, the liquid could become denser as
iron is a relatively incompatible element in mantle minerals. This
could produce late mantle overturns (e.g. Boukaré et al. 2015). Such
chemical differentiations could also induce heterogeneous distribution of radiogenic elements due to their incompatible behaviour.
Still, the early chemical fractionation of the Earth’s mantle history
remains debated, based on contradictory geodynamical (Solomatov
2000) and geochemical (Mc Donough & Sun 1995; Boyet & Carlson 2005; Palme & O’Neill 2014) arguments. Therefore, we do not
consider chemical differentiation in the solidifying mushy mantle
in this study. Hence, melting curves, density and concentration of
radiogenic elements are considered unchanged along the cooling
process.
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Table 2. Values used in eq. (19b) to calculate the solid mantle viscosity.
Lower ‘bridgmanite-like’ mantle rheology:
Adiff
Ediff

Pre-exponential parameter for diffusion
creep
Activation energy for diffusion creep

Vdiff

Activation volume for diffusion creep

2 × 10−17 to 2 × 10−13

Pa−1 s−1

200 (Čı́žková et al. 2012)
300 (Xu et al. 2011)
1 × 10−6 to 2 × 10−6

kJ mol−1
m3 mol−1

6 × 10−9 to 6 × 10−10

Pa−1 s−1

375 (Hirth & Kohlstedt 2003)
2.5 × 10−6 (Hirth & Kohlstedt 2003)

kJ mol−1
m3 mol−1

Upper mantle rheology (dry olivine, grain size = 15 μm):
Adiff
Ediff
Vdiff

Pre-exponential parameter for diffusion
creep
Activation energy for diffusion creep
Activation volume for diffusion creep

with α n the coefficient in melt fraction-dependent viscosity. The latter equals 26 for deformation via olivine diffusion creep mechanism
under anhydrous conditions (Mei et al. 2002).

2.4 Numerical model
We model the thermal evolution of a 2900-km-thick isochemical silicate mantle overlying an iron core by solving for the conservation of
energy (eq. 1) in a 1-D, spherically symmetric domain (with a radius

ranging from 3500 to 6400 km). To this end, we used a modified version of the numerical model developed in Monteux et al. (2016). Eq.
(1) is discretized using a semi-implicit predictor–corrector Finite
Difference scheme, of second-order in both space and time (Press
et al. 1993). Our numerical scheme was successfully benchmarked
against steady and unsteady analytical solutions for diffusion problems (Crank 1975). We have also successfully benchmarked our
physical model with 3-D spherical calculations at both steady and
transient states from the models developed by Wagner et al. (2019)
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Figure 2. The different mantle viscosity profiles considered in our models for the solid phase, computed using eq. (19b). Upper panels, Ediff = 200 kJ mol−1
(with reference case highlighted in yellow) and lower panels Ediff = 300 kJ mol−1 . Grey domain viscosity models from geoid inversion and post-glacial
rebound [Čı́žková et al. (2012) and references therein]. Left-hand frame: no viscous dichotomy between the upper and lower mantle is considered. Right-hand
frame: when a different upper mantle is considered. We performed calculations for Adiff and Vdiff ranging from 2 × 10−17 to 2 × 10−13 Pa−1 s−1 and 10−6 to
2 × 10−6 Pa−1 s−1 , respectively (Table 2). In the B-frame, we have also studied the influence of the upper mantle viscosity with Adiff ranging from 6 × 10−10
to 6 × 10−9 Pa−1 s−1 . The viscosity profiles (red, green and blue lines) are calculated considering an adiabatic temperature profile with Tp = 1600 K from the
surface of the Earth to the CMB, thus neglecting the presence of top and bottom boundary layers for the figure readability.
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Table 3. Parameter values used to calculate the viscosity of the lower mantle. Viscosity layering means that we
consider an upper mantle in our model.
Series #
1
2
3
4

Viscosity layering
No
Yes
No
Yes

Ediff (kJ mol−1 )
200
200
300
300

3 . R E S U LT S : C O O L I N G A N D
S O L I D I F I C AT I O N D Y N A M I C S
3.1 A reference case
We followed the thermal evolution of a deep mushy ocean with an
initial temperature profile corresponding to a melt fraction of 40%

10−6 –2

10−6

1×
×
1 × 10−6 –2 × 10−6
1 × 10−6 –2 × 10−6
1 × 10−6 –2 × 10−6

Adiff (Pa−1 s−1 )
2 × 10−17 –1 × 10−15
2 × 10−17 –1 × 10−15
5 × 10−15 –2 × 10−13
5 × 10−15 –2 × 10−13

throughout the whole mantle. As a reference case, we considered
the chondritic-type mantle from Series 1 with Adiff = 10−15 Pa−1 s−1
and Vdiff = 10−6 m3 mol−1 through the whole mantle (see Table 3).
This reference case represents a lower bound in terms of viscosity
(Fig. 2). The temperature initially decreases rapidly from the surface
where heat is efficiently extracted by conductive cooling, and where
a thin TBL initially forms (Fig. 3). In the deepest part of the mantle, the temperature profile bends towards an adiabatic temperature
profile, which is more vertical than the solidus profile. As a consequence, the solidification front starts from the lowermost mantle.
After 100 Myr, most of the lower mantle temperatures lie below the
solidus, nevertheless two molten reservoirs remain (named hereafter
SML and DML). Fig. 3 (bottom panels) shows that 270 Myr after
the beginning of our simulation, the deeper one (DML) is located
at a depth centred at 650 km, and the depth of shallower one (SML)
ranges between 20 and 60 km. Full solidification of DML occurs
prior to that of SML. Finally, after 900 Myr of cooling, the entire
temperature profile is below the solidus, but remains super adiabatic,

Figure 3. Upper panels: temperature time evolution as a function of depth. Lower panels: melt fraction time evolution as a function of depth. In this reference
case (Series 1, Adiff = 10−15 Pa−1 s−1 and Vdiff = 10−6 m3 mol−1 ), no dichotomy in the viscosity model is considered between the upper and lower mantle.
The blue dashed line separates the upper and lower mantle. The right-hand panels represent close-up views of the left-hand panels. When t > 90 Myr, the
partially molten layer is separated in 2 layers: SML and DML.
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considering a relatively lower Ra number and a smaller viscosity
contrast (see the Appendix). The mantle is discretized using 2900
equally spaced gridpoints resulting in a constant spatial resolution
δr = 1 km. The variable time step is set as δt = min(δr2 /κ(r)), where
κ(r) = k/(ρCp) is the effective diffusivity. The boundary conditions
in our models are those described in Section 2.1.2: isothermal at
the surface with Tsurf = 500 K and variable heat flux accounting for
heat transfer between the core and the mantle at the CMB. In all
our models, the core temperature below and just above the CMB
are initialized to the same value (T0,core = 4370 K).

Vdiff (m3 mol−1 )
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especially in the mid-top mantle. This solidification timescale is in
good agreement with the timescale proposed by Solomatov (2000),
where the complete crystallization of the shallow early mantle could
last more than 108 yr.

3.2 Influence of the viscosity parameters on the mushy
mantle solidification
3.2.1 TBL thicknesses
From the initial thermal state, two TBLs rapidly form above and
below the convecting portion of the mantle. Upon cooling, the
Rayleigh number within the convecting mantle decreases and the
two boundary layers thicken following the scaling used in eq. (10).
Therefore, the thickness of the boundary layers scales with Ra−1/3
−1/3
and as a consequence scales with η1/3 and Adiff . In Fig. 4, we plotted both the bottom (red) and top (black) boundary layer thicknesses
at the end of the mushy stage (i.e. as soon as the mantle reaches
complete solidification) as a function of the viscosity exponential
pre-factor (Adiff ) and for two different values of the activation energy (Ediff ) and activation volume (Vdiff ). Our results show that the

evolution of the TBL thickness is strongly dependent on the value
of the activation energy (Ediff = 200 or 300 kJ mol−1 ) and on Adiff
as illustrated in Fig. 4. For Series 1 (Fig. 4a), both the top and bottom boundary layer thicknesses scale with A−0.27
diff , which is close to
−1/3
the theoretical scaling of Adiff for an entirely solid mantle. This
indicates that the viscosity of the solid mantle governs the thickness
of the two TBL. At the end of the mushy stage, the top boundary
layer thickness ranges between 80 and 250 km, whereas the bottom
boundary layer thickness ranges between 45 and 140 km. For Series
3 (Fig. 4c), the behaviour of the bottom TBL thickness is similar to
the Series 1 cases. The bottom TBL thickness decreases as A−0.26
diff
with corresponding values ranging from ≈40 to ≈100 km, and the
−0.27
top TBL thickness decreases as Adiff , with corresponding values
ranging from ≈60 to ≈160 km.
When an upper mantle is considered (Figs 4b and d), the influence
of the lower mantle viscosity on both the top and bottom TBL thickfor
nesses vanishes. The bottom TBL thickness decreases as A−0.084
diff
for
Series
4.
For
both
values
of
E
we
used
Series 2 and as A−0.11
diff
diff
for the lower mantle viscosity, the top TBL thickness decreases to
a value of ≈60 km at the end of the mushy stage, independently of
the value of Ediff .
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Figure 4. Thickness of the top (circles) and bottom (squares) thermal boundary layer when the mushy mantle is fully solidified as a function of Adiff and Ediff
(i.e. Ediff = 200 kJ mol−1 for top figures or Ediff = 300 kJ mol−1 for bottom figures). The A, B, C, D panels correspond to Series 1, 2, 3, 4, respectively
(see Tables 2 and 3 for complete set of parameter values). The cases with Vdiff = 10−6 m3 mol−1 are illustrated with red (bottom TBL) and black (top TBL)
symbols and cases with Vdiff = 2 × 10−6 m3 mol−1 are illustrated with green symbols. Dashed lines represent power law fits to the thermal evolution data
points.
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Also, the top TBL thickness is weakly dependent on the value of
Vdiff , as shown in Fig. 4. However, this parameter strongly influences
the bottom TBL thickness. Indeed, increasing Vdiff from 1 × 10−6
to 2 × 10−6 m3 mol−1 results into a viscosity increase by at least
a factor 2 to 3 for both Ediff = 200 kJ mol−1 and Ediff = 300 kJ
mol−1 cases, and for cases considering an upper mantle and its
influence in rheology or not. This result illustrates the influence of
Vdiff on the viscosity, and can be understood when comparing the
red and green viscosity profiles from Fig. 2. As the value of Vdiff
governs how the viscosity increases with depth from a reference
value, increasing Vdiff does not change significantly the viscosity
close to the Earth’s surface. However, increasing Vdiff increases
significantly the viscosity in the lowermost mantle, leading to a
significant thickening of the TBL above the core mantle-boundary.
In our models, right after the solidification of the molten layers
(SML and DML), the viscosity above the bottom TBL for cases
with Vdiff = 2 × 10−6 m3 mol−1 is larger than the viscosity above
the bottom TBL for Vdiff = 1 × 10−6 m3 mol−1 by a factor 10–30.
This important increase in the lower mantle viscosity explains the
increase in TBL thickness illustrated in Fig. 4 for our range of Vdiff
values as the TBL scales with η1/3 .

3.2.2 Depth of final melt layer
During the cooling and the solidification of the mushy mantle, the
melt fraction decreases from a global value of 0.4 to 0 (Figs 3c
and d). Depending on the solid viscosity parameters used for the
early mushy mantle, two layers can remain molten before full solidification: a deep one (DML) and a shallower one (SML, see also
Fig. 3). The depths at which the two last layers of melt solidify
as a function of Adiff for two different values of Ediff and Vdiff is
reported in Fig. 5. This figure shows that the crystallization mechanism strongly depends on the presence of a viscosity dichotomy
between the upper and lower mantle. When no dichotomy is considered (Figs 5a and c), the behaviour is similar for Ediff = 200 kJ
mol−1 and Ediff = 300 kJ mol−1 . For both Ediff values, the solidification depth of the upper molten layer (SML) decreases as the
and A−0.35
viscosity decreases (scaling with A−0.25
diff
diff , respectively)
whereas the solidification depth of the deep molten layer (DML)
is constant and equals 660 km (i.e. the depth of the transition between the upper and lower mantle). In the later case, the transition
is not the consequence of rheological properties but is related to
the change of the solidus slope (eqs (12a) and (12c) and Fig. 3),
which is steeper in the lower mantle than in the upper mantle. These
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Figure 5. Depth at which the last layers of partially molten material solidify as a function of Adiff . Open symbols represent the solidification depth of the
upper molten layer (SML) whereas solid symbols illustrate the solidification depth of the lower molten layer (DML) (See also Figs 3c and d). The a, b, c, d
panels correspond to Series 1, 2, 3, 4, respectively (see Tables 2 and 3 for parameter values). The cases with V diff = 10−6 m3 mol−1 are in black symbols
and cases with Vdiff = 2 × 10−6 m3 mol−1 are in green symbols. Dashed and dotted lines represent power law fits of the numerical data for SML and DML,
respectively.
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changes in the melting properties with depth coupled with the slope
of the temperature profile computed from our models explain this
particular behaviour. In these cases, the depth of the deep molten
layer is insensitive to the value of the viscosity parameters.
However, a mineralogical dichotomy between the upper and lower
mantle is likely to appear rapidly during the solidification of the
mushy mantle, due to the high-pressure polymorphism. When considering rheologically distinct upper and lower mantles (Figs 5b and
d), the solidification depth of the deep molten layer is no longer tied
to a depth of 660 km, but now depends on the viscosity of the lower
mantle. The depth at which DML solidifies decreases when Adiff increases (i.e. when the lower mantle viscosity decreases) and scales
−(0.06−0.1)
(Figs 5b and d). This results in a deep solidification
with Adiff
stage occurring at depth decreasing from 1250 to 800 km when Adiff
increases within the range envisioned in our study (i.e. when the
deep mantle viscosity decreases). In contrast, the depth of final upper molten layer SML remains nearly constant (≈30–50 km) for the
whole range of lower mantle viscosities considered in Fig. 5. This
illustrates the fact that the depth at which the last upper layer of melt
solidifies is not governed by the viscosity of the lower mantle but
rather by the rheological properties of the upper mantle (we tested
this hypothesis in Section 3.2.4).

3.2.3 Mushy stage timescale
The influence of Adiff on the time required to fully solidify a partially molten mantle and for two different values of Ediff and Vdiff
is reported in Fig. 6. A quick inspection of eq. (1) indicates that
this solidification timescale should be inversely proportional to the
convective heat flux Fconv . In the hard-turbulent regime, this term
scales as η−3/7 whereas in the soft-turbulent regime, this term scales
as η−1/3 . The eq. (19b) implies that an increase of either Ediff or Vdiff
yields an increase of the viscosity. On the contrary, an increase of
Adiff yields a decrease of the solid viscosity at given P and T conditions scaling with A−1
diff . Consequently, if the viscosity of its solid
fraction governs the characteristic solidification timescale, this time
should scale as A−n
diff with n ranging between 1/3 and 3/7. This is
confirmed by our numerical results (Figs 6a and c). The time required for the upper molten layer (SML) to fully solidify scales with
for Series 1 (Fig. 6a) and with A−0.29
for Series 3 (Fig. 6c).
A−0.39
diff
diff
For the lower molten layer (DML), the influence of mantle viscosity
is even stronger and the time required for DML to fully solidify
for Series 1 (Fig. 6A) and with A−0.49
for Series
scales with A−0.55
diff
diff
3 (Fig. 6c).
When no upper/lower mantle dichotomy is considered, the duration of the complete mushy mantle solidification ranges between
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Figure 6. Duration for full solidification of the mushy mantle (initially with ϕ = 0.4). Open symbols represent the solidification time of the upper molten layer
(SML) whereas solid symbols illustrate the solidification time of the lower molten layer (DML). The a, b, c, d panels correspond to Series 1, 2, 3, 4, respectively
(see Tables 2 and 3 for parameter values). The cases with Vdiff = 10−6 m3 mol−1 are illustrated with black symbols and cases with Vdiff = 2 × 10−6 m3 mol−1
are illustrated with green symbols. Dashed and dotted lines represent power law fits of the numerical data for SML and DML, respectively.
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900 Myr and 4.4 Gyr for Series 1 (Fig. 6a). For Series 3 (Fig. 6c), the
solidification duration ranges between 1.6 and 4.6 Gyr. Our results
also show that the solidification of the deeper DML occurs prior to
that of the shallower SML, with times ranging between 375 Myr and
3.2 Gyr for Ediff = 200 kJ mol−1 or between 590 Myr and 3.7 Gyr
for Ediff = 300 kJ mol−1 . Fig. 6 also shows that our solidification
timescale is nearly insensitive to the value of Vdiff .
When considering an upper mantle rheologically different from
the lower mantle (Figs 6b and d), several changes occur, compared
to models without viscous dichotomy. The solidification timescale
for the upper molten layer (SML) is less affected by changes in the
value of Adiff than DML. Thus, the time required to fully solidify
the whole mantle (SML and DML) exhibits a narrower range of
values (between 460 and 770 Myr for Series 2 and between 570
and 700 Myr for Series 4). On the contrary, the solidification time
of the deeper molten layer DML strongly depends on the viscosity
for Series 2 and with
of the lower mantle and scales with A−0.57
diff
A−0.4
diff for Series 4. Again, the solidification time of DML is faster
than SML (between 37 and 365 Myr for Series 2 or between 76 and
322 Myr for Series 4). Our results suggest that the solidification of
the SML (i.e. the final episode of solidification of the early mantle in
our models) is weakly sensitive to the viscosity of the lower mantle
but is mostly governed by the viscosity of the upper mantle. On
the other hand, the solidification time of the DML is in comparison
faster, and the viscosity of the lower mantle governs the time delay.
This is certainly related to the relatively low upper mantle viscosity
used in this calculation (see Fig. 2).

3.2.4 Influence of the upper mantle viscosity
We then investigated the influence of the upper mantle viscosity on
the characteristic time and length scales of mushy terrestrial mantle
crystallization. Thus we considered the reference case detailed in
Fig. 3 with a dichotomy in the viscosity between the upper and lower
mantle. In this section, we consider constant values for Adiff , Ediff
and Vdiff for the lower mantle, and we used three different values for
Adiff for the upper mantle ranging between 6 × 10−10 and 6 × 10−9
Pa−1 s−1 .
The results given in Fig. 7 show that the viscosity of the upper
mantle influences both the shallow characteristic time and length
scales. We recall here that increasing the value of Adiff results in
a viscosity decrease. Fig. 7(a) shows that both the top and the
bottom TBL thicknesses now decrease when Adiff in the upper mantle
increases. The top TBL is more sensitive to variations in the Adiff

values in the upper mantle than the bottom TBL (power exponent
–0.19 compared to –0.9 in top and bottom TBL, respectively). In
Fig. 7(b), the results show that the depth at which the shallow
molten layer SML solidifies decreases with A−0.22
diff , whereas the
depth at which the deep molten layer DML solidifies increases with
A0.14
diff . This means that decreasing the upper mantle viscosity (i.e.
increasing Adiff in the upper mantle) favors a deeper solidification
of DML, while favoring the solidification of SML closer to the
surface. Finally, results from Fig. 7(c) shows that both the time at
which SML and DML solidify decrease when increasing Adiff in the
upper mantle. Interestingly, the viscosity of the upper mantle has a
stronger influence on the solidification time for the DML than on
the shallow SML (power exponent –0.4 compared to –0.22). Hence,
by controlling the heat loss in the shallower part of the early Earth,
the upper mantle viscosity strongly influences the characteristic
solidification time and length scales.
Figs 5(b), (d) and 6(b), (d) show that, when a dichotomy in
viscosity is considered, the depth and solidification time of the
shallow molten layer are weakly dependent on the viscosity of the
deep mantle. However, Fig. 7 illustrates that the viscosity of the
upper mantle plays a key role on the time and depth of solidification
of the shallow molten layer and is more important than the influence
of the lower mantle on this time. Concerning the DML, a decrease
of either upper or lower mantle viscosity leads to a decrease of
the solidification time of this layer. Nevertheless, this time is more
influenced by the viscosity of the deep mantle than by the viscosity
of the upper mantle (power exponent –0.57 compared to –0.4). An
interesting behaviour arises from the depth at which the deep molten
layer DML solidifies. Indeed, Figs 5(b)–(d) shows that this depth
decreases when Adiff in the lower mantle increases (i.e. when the
viscosity decreases) for a fixed value of Adiff in the upper mantle. On
the contrary, the depth at which DML solidifies increases when Adiff
in the upper mantle increases for a fixed value of Adiff in the lower
mantle. Our results show that the rheological parameters of both the
upper and lower mantle govern the deep processes of solidification
in the lower mantle, whereas the shallower solidification processes
are governed only by the properties of the upper mantle.

3.2.5 Summary
We have developed a numerical approach to constrain the characteristic depth and time of solidification of a mushy mantle. We have
identified two persistent molten layers (SML) and (DML). We show
that the cooling and solidification dynamics are very sensitive to the
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Figure 7. TBL thickness (a), depth at which the last layers (upper and lower) of partially molten material solidify (b) and time to fully solidify the last layers
(upper and lower) of partially molten (c) as a function of the value of Adiff in the upper mantle. In these figures, Adiff = 10−15 Pa−1 s−1 , Ediff = 200 kJ mol−1
and Vdiff = 10−6 m3 mol−1 in the lower mantle whereas Ediff = 375 kJ mol−1 and Vdiff = 2.5 × 10−6 m3 mol−1 in the upper mantle. Open symbols represent
the solidification time of the upper molten layer (SML) whereas solid symbols illustrate the solidification time of the lower molten layer (DML). Dashed and
dotted lines represent power law fits of the numerical data for SML and DML, respectively.
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4. DISCUSSION
4.1 Geological constraints
A mineralogical dichotomy and a subsequent transition of the viscous behaviour between the upper and lower mantle are likely to
appear rapidly during the solidification of the mushy mantle. In the
following discussion we only consider the results from the models
that account for a viscous dichotomy between the upper and lower
mantle (i.e. left-hand column, b and d graphics in Figs 4–6). Our
model results show that the top melt layer (SML) crystallizes at
the Hadean-Eoarchean boundary (500–800 Myr after Earth’s formation; Fig. 6), regardless of the model, and the crystallization
proceeds at relatively shallow depths of 35–45 km (Fig. 5). On the
contrary, the bottom melt layer (DML) crystallizes at deeper levels (800–1000 km; Fig. 5) and earlier (40–400 Myr after Earth’s
formation; Fig. 6). If the upper mantle viscosity is considered separately, these time and depth estimates are only slightly decreased
or increased (Fig. 7).

The presence of molten material and the resulting rheological weakening may have profound effect on the evolution of the
early crust, on its ability to deform and on how orogens develop
(Sawyer et al. 2011). The persistence of a melt layer at shallow
depth during the Hadean and its final crystallization around the
Hadean–Eoarchean boundary could prevent the formation of elevated orogenic formations due to fast isostatic compensation of
any created reliefs and development of large-scale tectonic fault
and shear-zones. The absence of reliefs would, in turn, result in a
water-world with most of the Earth being covered by shallow water.
Major faults and shear-zones could represent pathways for liquid
water to penetrate to lower crustal levels and, in turn, induce intense
hydrothermal activity. In addition, this weak layer at the depth of
the lower crust could possibly isolate the crust from the underlying
mantle. Doglioni et al. (2011) proposed that a stable partial melt
layer between the asthenosphere and the lithosphere could induce an
effective viscous decoupling between the two layers and explain the
lifetime of cratonic roots. At the Hadean–Eoarchean, the viscous
coupling between the mantle and the crust could have induced the
beginning of large-scale Hadean crust reworking and the formation
of stable Archean crustal blocks. The persistence of SML could,
hence, account for the absence of Hadean crustal fragments in geological record and at the beginning of the Archean geological record.
They are solid outputs from our geodynamic models and, therefore,
they should have affected the dynamics of our planet early in its
history. Hence, linking the timing of major differentiation events
in the geological record with SML and DML crystallization could
help understanding early shallow processes.
Little is known about the Hadean period since we do not have
the rock record at the Hadean–Eoarchean boundary (e.g. Goodwin 1996; Guitreau et al. 2012). Yet, some detrital zircon crystals,
formed during the Hadean, survived until today. They offer a window into the Earth’s infancy (e.g. Froude et al. 1983; Cavosie et al.
2019). In addition, relics of global chemical fractionation that occurred during the Hadean are recorded by extinct radionuclides,
such as 142 Nd and 182 W (e.g. Boyet et al. 2003; Touboul et al.
2012). The 182 Hf-182 W system operated during the first 50 Myr
after Solar System formation, and it is, hence, unlikely to have
recorded processes depicted in our model. In contrast, the lifetime
of 146 Sm-142 Nd system matches very well the timescale for DML
crystallization and is, hence, very appropriate to help constrain the
physical parameters of our models. Interestingly, most 142 Nd signatures point to major differentiation event(s) of the Earth around
4.3–4.4 Ga (i.e. 150–250 Ma after the Earth’s formation, e.g. Saji
et al. 2018, and references therein, Guitreau et al. 2019), also consistent with detrital zircon ages (e.g. Cavosie et al. 2019). On the
other hand, the disappearance of SML would correspond to the start
of the rock record (i.e. preservation of stable crustal blocks) between
4.0 and 3.8 Ga.
Considering that the SML crystallization is correlated with the
end of major resurfacing on Earth, the comparison with Venus is
quite appealing. Based on the crater population, it was suggested that
the surface of Venus seems uniformly young. With absence of plate
tectonics, this observation suggested that catastrophic resurfacing
occurs episodically on Venus (Phillips & Hansen 1998; Harris &
Bédard 2014; Smrekar et al. 2018). The available geodynamic models point out the importance of radioactive heating in the Venusian
mantle which, correlated to the presence of a rigid stagnant lid,
could have resulted in an increase of the mantle potential temperature with geological time, especially in the first 1–2 Ga (O’Rourke
& Korenaga 2012; Tosi et al. 2017). The mantle potential temperature could still be today above 1800 K on Venus, thus at a similar
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Rayleigh number that increases with decreasing viscosity. Hence,
an increase of the pre-exponential factor Adiff (i.e. a decrease of the
viscosity) systematically leads to a decrease of the TBL thicknesses
(in agreement with eq. 10) and as a consequence to the depth of solidification of the last layer of molten material. As higher Ra values
lead to a more efficient cooling of the early mantle, the timescale
of complete solidification of the mantle also decreases with decreasing Adiff . Within a moderately convecting viscous mantle, the
TBL thickness and the cooling timescale are expected to scale with
Ra−1/3 while within a turbulent reservoir they are expected to scale
with Ra−2/7 . In our models were important changes in the parameters occur with temperature, pressure and melt fraction, the value
of the exponent in the power law is slightly different (from –0.25 to
–0.55 when no viscous dichotomy is considered) but the behaviour
is similar.
We have characterized the influence of the solid mantle viscosity
with or without a rheological contrast between the upper and lower
mantle. Our parametrical study shows that the viscosity of the deep
mantle influences the solidification of the DML. This result is not
surprising since the bottom TBL thickness is related to the viscosity
of the deep material. Hence, one can expect that the solidification
characteristics (depth and time scales) of the DML to be strongly
influenced by the values of Adiff in the lower mantle. Our results
show that the same reasoning can be applied to the solidification
characteristics of the SML that is governed by the values of Adiff in
the upper mantle.
Our results show that the viscosity of the upper mantle affects
the DML solidification characteristics. This feature illustrates that
the upper mantle governs the global mantle dynamics by acting as
a thermal blanket that reduces the efficiency of heat loss. Hence, a
decrease in the upper mantle viscosity leads to an increase of the
surface heat flux, to a more vigorous internal convection associated
with a thinner bottom TBL (Fig. 7a), and to a more rapid solidification (Fig. 7c). Conversely, the viscosity of the lower mantle
does not influence significantly the SML solidification characteristics (Figs 4–6, right-hand panels). Again, this illustrates that the
viscosity of the upper mantle mostly controls the cooling and solidification dynamics. A low viscosity lower mantle enhances the heat
transfer from the core toward the mantle but the mantle heat loss is
limited by the viscous properties of the upper mantle.
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level than it was early in the Earth’s history (e.g. Herzberg et al.
2010). A logical conclusion is that partial melting still takes place
today at shallow depths in the Venusian mantle.

and for titanium, (Faul et al. 2016). It can be expressed as:
1
Adi f f

−1  −3

b
A AC W 
= 2
,
μ
d

(20)

4.2 Refinement of mantle’s rheological parameters
Following the idea that SML and DML final crystallization correspond to identified Hadean geological events on Earth, the exact timing of these events can help refine most realistic values of
Adiff , Ediff and Vdiff . In our models, the upper mantle viscosity does
not significantly influence the solidification time of the last global
molten layers, and should not strongly affect the timing of the geological events discussed above. We cannot estimate the best pair of
Ediff and Vdiff , since Vdiff has very little influence on the timing of
crystallization of SML and DML. Nevertheless, we can propose a
couple of solutions for fixed values of Ediff . SML crystallization is
essentially insensitive to Adiff values and we, hence, cannot use it to
estimate Adiff values. On the other hand, the crystallization of DML
is sensitive to Adiff values. In order to explain the ages of 4.3–4.4 Ga
inferred form 142 Nd signatures, the lower mantle Adiff values should
range between 3 × 10−17 and 7 × 10−17 Pa−1 s−1 for Series 2, and
7 × 10−15 Pa−1 s−1 to 2 × 10−14 for Series 4. Assuming that SML
accounts for the start of the geological record (i.e. preservation of
stable crustal blocks) between 4.0 and 3.8 Ga, the upper-mantle Adiff
values should range between 1 × 10−9 and 4 × 10−9 Pa−1 s−1 . These
ranges of values obtained for Adiff in the lower and upper mantle are
pretty narrow given that reference viscosities are generally unknown
to multiple orders of magnitude. Moreover, the values inferred for
both the lower and the upper mantle are within the range of those
proposed for the mantle (Čı́žková et al. 2012).

4.3 Chemical weakening and grain size
Among the parameters used to compute the solid-state mantle viscosity the pre-exponential factor exhibits a large range of plausible
values (typically two orders of magnitude). While Adiff is called the
material constant, its variability expresses the grain size sensitivity
and the potential influence of chemical weakening. For olivine, this
influence has been experimentally characterized for hydrogen at
crustal and upper mantle pressures (e.g. Mackwell et al. 1985; Mei
& Kohlstedt 2000a, b, Demouchy et al. 2012; Girard et al. 2013;
Tielke et al. 2017), for iron (Zhao et al. 2009; Hansen et al. 2012),

where A is thus a material constant (A = 8.17 × 1015 s−1 ), μ is
the shear modulus (μ = 80 GPa), b is the magnitude of the Burgers vector (b = 0.55 × 10−9 m) and d is the grain size (Karato
& Wu 1993). AC W is a dimensionless parameter characterizing the
influence of the potential chemical weakening due to the incorporation of, for example Al3+ , Fe2+/3+ , Ti4+ in mantle minerals. AC W
can be envisioned as a stress factor in the sense that an increase
of its value leads to an increase of Adiff and, as a consequence, to
a viscosity decrease. Note that hydrogen is expected to have only
very minor to negligible effect on lower mantle properties, since
hydrogen can barely be embedded in bridgmanite as a point defects
(Bolfan-Cavanova, Keppler & Rubie 2003) and since the hydrogen
solubility in periclase remains very limited (Bolfan-Casanova et al.
2002, see Bolfan-Casanova 2005, for a review). Therefore, ‘water’
weakening in the lower mantle is discarded in this study.
In our models, we have considered different values for Adiff ranging between 2 × 10−17 Pa−1 s−1 and 10−15 Pa−1 s−1 for Ediff = 200 kJ
mol−1 and between 5 × 10−15 Pa−1 s−1 and 2 × 10−13 Pa−1 s−1 for
Ediff = 300 kJ mol−1 . According to eq. (20), each value of Adiff
corresponds to a set of values for the pair d and AC W . In Fig. 8,
we plotted Adiff as a function of d and AC W . From Fig. 8, we can
estimate the range of plausible values for d and AC W corresponding
to the values of Adiff considered in our models. The transition from
diffusion to dislocation creep is expected to occur for d larger than
100 μm in the lower mantle (Boioli et al. 2017). Considering only a
domain where the diffusion creep scaling applies, Fig. 8 illustrates
that d ranges between 10 and 100 μm for Ediff = 200 kJ mol−1
and between 1 and 100 μm for Ediff = 300 kJ mol−1 . In the mean
time, AC W ranges between 10−7 and 10−4 for Ediff = 200 kJ mol−1
and between 10−7 and 10−2 for Ediff = 300 kJ mol−1 . Fig. 8 shows
that when increasing the grain size by a factor 10, the stress factor
associated to chemical weakening has to be increased by a factor
1000 to maintain a constant pre-exponential factor Adiff .
Our arguments developed in previous sections suggest the following range for Adiff values within the lower mantle: between 3 × 10−17
and 7 × 10−17 Pa−1 s−1 for Ediff = 200 kJ mol−1 , and between
7 × 10−15 Pa−1 s−1 and 2 × 10−14 Pa−1 s−1 for Ediff = 300 kJ mol−1 ,
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Figure 8. For the lower mantle, range of Adiff values considered in our study for (left-hand panel) Ediff = 200 kJ mol−1 and (right-hand panel) Ediff = 300 kJ
mol−1 . The grey domain marks dislocation creep regime, below is diffusion creep regime. The white domains represent Adiff values not considered in our study.
The red dashed domains on the colour bar represent the values derived from the geological constraints.
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4.4 Model limitations
1-D models are appropriate to characterize the first order cooling
and solidification dynamics of a compressible mushy mantle where
viscosity contrasts between solid mantle and magmas can reach
up to 20 orders of magnitude. However, we acknowledge that the
timescales for SML and DML crystallization may be affected by 3D lateral variations. The early geotherms obtained from our models
can be implemented in geometrically more realistic models developed to characterize the global geodynamic regime that operated
prior to the onset of modern plate tectonics (Rozel et al. 2017;
Agrusta et al. 2018).
The surface temperature and the ability of the top boundary layer
to facilitate the heat loss are key parameters that also control the
cooling dynamics of the mushy mantle. In our study we have assumed that the surface temperature was constant (=500 K) according to Lebrun et al. (2013) and Sleep et al. (2014). However, this
surface temperature may be overestimated, as the dissolution of CO2
in the condensed water is not accounted. In addition, depending on
the buoyancy of the residual melt, partial melting in the shallow melt
layer is likely to rise towards the surface through magma conduits
and cool the interior efficiently by volcanic heat transport (Ricard
et al. 2014; Kankanamge & Moore 2019). Both these shallow processes may enhance the heat evacuation and affect the timescales
and depths obtained in our study.
The chemical differentiation that is not accounted in our models
could affect the results obtained from our models by different ways.
(1) The vertical chemical segregation due to compatible/incompatible elements separation could be an important feature
during this early cooling event (Ballmer et al. 2017) and could delay
the solidification. Such a vertical segregation depends on the possible occurrence of gravitational fractionation of the Fe-enriched melt
and the solid in a turbulent magma ocean.
(2) Considering a chemical differentiation between compatible/incompatible elements would also affect the partitioning of radiogenic heat producing elements. Indeed, K, Th and U are incompatible elements which will accumulate preferentially in the molten
reservoirs. Hence the chemical segregation is likely to affect the
heat partitioning within the mantle and as a consequence its cooling
dynamics.
(3) During the chemical segregation, the composition of the
molten phase will evolve towards an enrichment in incompatible
elements. This chemical evolution will affect the melting curves
(Andrault et al. 2017)

5 . C O N C LU S I O N
We have performed 1-D numerical simulations to monitor the temperature and melt fraction evolutions of an initially 40% molten
early mantle. In our models, we have implemented recent and solid
experimental constraints from mineral physics. We have considered
a range of solid fraction viscosity compatible with the knowledge
of the current lowermost mantle viscosity. Our models illustrate the
influence of the solid mantle fraction viscosity on the cooling of
a deep mushy mantle, and in particular on the characteristic time
and depth at which complete solidification is achieved. Considering
that deformation occurs via diffusion creep, the cooling dynamics
is mainly governed by the pre-exponential factor Adiff . Our models highlight two molten layers (SML and DML) whose complete
crystallization are separated both in time and space: DML solidifying earlier (between 40 and 400 Ma) and deeper (between 800
and 1200 km) than SML, whose solidification occurs during the
first 400–800 Ma, and at depth ranging between 30 and 50 km. The
viscosity of the upper mantle plays a key role on the time and depth
of solidification of the shallow SML, whereas the viscosity of the
deep mantle governs the duration of DML solidification.
The solidification timescales derived from our models suggest
a full crystallization of the early mantle at the Hadean-Eoarchean
boundary. A shallow molten layer stable during 150–250 Ma after
the Earth’s formation could favor the absence of early reliefs and
isolate the early crust from the underlying mantle dynamics. We
associate the crystallization of SML and DML to major events in
the geological record. Then, we use the timing of these records to refine a preferred set of parameters defining the mantle viscosity. Our
models favor the highest values of the range of deep mantle viscosities derived from geoid inversion and post-glacial rebound (Čı́žková
et al. 2012, and references therein). From our preferred viscosity
models, our study suggests a 3–100 μm range for grain size and a
chemical weakening parameter ranging between 10−7 and 10−3 . Our
1-D approach is relevant when characterizing a fully mushy early
mantle where large viscosity contrasts associated to large Rayleigh
numbers can persist during the whole solidification of the reservoir.
The temperature profiles and the TBLs characteristics inferred from
our study can easily be incorporated in thermochemical evolution
models of a solid terrestrial mantle.
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APPENDIX: NUMERICAL BENCHMARK
O F T H E E N E R G Y B A L A N C E E Q UAT I O N
We validated our numerical approach by benchmarking our model
with the analytical non-steady state diffusion problem (eq 6.18 in
the section 6. Diffusion in a sphere from Crank 1975) and obtained
a relative error below 10−7 . We also benchmarked our physical approach by comparing our model with those developed for modeling
convection in rocky planets from Wagner et al. (2019). In particular,
we considered the same setting used to obtain their Fig. 8(a) where
they Ra = 107 and they impose a viscosity contrast of 100 between
the top and the bottom of the mantle. This comparison is illustrated
in Fig. A1.

Figure A1. Comparison of the temperature profiles obtained by Wagner
et al. 2019 (Fig. 8a from their study) (black dots, red dashed line and solid
blue line) and the temperature profile obtained from our 1-D model with the
same parametrization (Ra = 107 and a viscosity contrast of 100).
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A mushy Earth’s mantle
Fig. A1 shows that our results reasonably agree with spherical calculations displayed in the study quoted above, which confirms that
our approach can reproduce the thermal evolution in non-symmetric
spherical geometry. Moreover, Fig. A1 shows that our results are
in agreement with the 1-D (Mixing Length Theory) approach and
the evolutions computed in spherical geometry by Wagner et al.
(2019). Differences between our approach and the MLT approach
by Wagner et al. (2019) are due to different parametrization details. Moreover, as we impose a conductive heat flux within the two
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TBLs, it leads to a change in the temperature profile between the
convective mantle, and the conductive TBL that is less smooth than
in the models from Wagner et al. (2019). In the two TBL, the error
between our models and the models from Wagner et al. (2019) can
reach ≈20% while in the central parts of the mushy mantle, the
error is less than 5%. However, for larger values of Ra numbers that
are more relevant to our study, the TBL are considerably thinner,
therefore these differences are expected to vanish.
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